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Chapter 1

Introduction

A great deal of Martian atmospheric research in recent years has focussed on
the important tracers present on Mars, dust and water/ice. This is largely due
to the unpredecented amounts of observational data that have been obtained
by orbiting satellites and landers sent to the planet over the past decade or
more, providing information on seasonal and annual trends in dust and ice
opacity, variations in size of both particle types, and the radiative properties of
atmospheric dust. Numerical models, such as the UK Mars General Circulation
Model (UKMGCM), have been key to the understanding of tracer lifting and
transport processes, and in estimating the impact of both dust and water on
the wider climate. However, model parameterisations of (in particular) dust
lifting are still in their relative infancy, and currently fall short of satisfactorily
reproducing observed dust distributions.

By the end of my project, the goal is to have a model which simultaneously
predicts dust and water-ice opacity, by virtue of parameterisations of the lifting
of dust from the planet’s surface, the sublimation of water vapour and the
formation of ice clouds, and transport of atmospheric tracers. The relationship
between these two tracer cycles is a key area for study, and a parameterisation
of their direct interaction (through heterogeneous cloud nucleation around dust
condensation nuclei) will be implemented. The role of dust scavenging by cloud
ice in limiting the vertical extent of dust, and in removing it from certain regions
(such as the winter poles) altogether, can be investigated, as can the possible
constraint that dust availability places on cloud formation.

With these additions, it will be possible to make a confident foray into
the area of Martian paleoclimates — using the MGCM to understand how the
climate may have differed from its present state, at stages in the planet’s history
when orbital parameters such as the planetary obliquity were displaced from
their current values. The long-term evolution and history of atmospheric wind
regimes, surface dust reservoirs and the polar ice caps can be modelled using
this approach, and the results compared with geologic features visible today.

To achieve this, it is first necessary to be able to simulate the dust and
water cycles separately. Realistic atmospheric dust loadings are required, if
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transported dust is to be used to inform water-ice cloud formation rates. The
work done this year has focussed on developing the existing dust-lifting model
into one capable of emulating observed dust opacity variations (seasonal and
multi-annual), to the extent that is currently feasible using GCMs.

Chapter 2 reviews recent planetary-scale observations of atmospheric dust,
and the lessons learned so far regarding Martian dust lifting and transport,
through analysis of this data and numerical modelling. Chapter 3 briefly de-
scribes the general circulation model used throughout this project (the reader
is referred to my first year report [Mulholland, 2009] for a more detailed de-
scription of the model dynamics and physics schemes). Part of my work over
the most recent few months has concerned updating the UK model physics to
incorporate recent developments at a partner group in France — these addi-
tions, which will be availed of during the final year of this project, are also
summarised.

A review of the UKMGCM dust lifting schemes (which had not been up-
dated or used since around 2004) was carried out towards the end of 2010,
and is documented in Chapter 4. With more observational data with which to
constrain dust lifting predictions now available, some improvements were made
to the existing lifting schemes, while several other possible extensions to the
parameterisations were investigated. Chapter 5 goes on to discuss the realism
of the dust-lifting UKMGCM at present, including the year-to-year variability
generated, and dependence on model resolution.

The necessary addition of a condition to limit the amount of dust available
for lifting is described in Chapter 6. Further work is needed in this area, and
the nature of that work is mentioned further in Chapter 7. This final chapter
outlines the tasks remaining for the final year of the project, leading to the
writing of a thesis by late 2011.
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Chapter 2

Atmospheric dust on Mars

The lifting of dust into the atmosphere and its subsequent advection by the
large-scale circulation represents a major component of the Martian climate.
The potentially thick atmospheric dust layer exerts a strong radiative influence
on the atmosphere and surface, and can cause a strengthening of the global
Hadley circulation [Haberle et al., 1982].

However, many aspects of the Martian dust cycle are not yet fully under-
stood, a problem which impacts on considerations of other climate features,
particularly those linked with paleoclimates. Greatly increased spacecraft and
lander coverage of Mars over the past decade has allowed us to examine dust lift-
ing and heating effects in more detail than was previously possible, and provided
better constraints for general circulation models.

2.1 Regional and global storms

Lifting of Martian dust by surface winds can, if sustained for long enough,
cause the development of dust storms of varying size and intensity. Small (lo-
cal) storms may last only a day or two, but larger storms can be formed from
mergers between local events and can persist for longer, covering areas of 106

km2 or more. Such storms can inject dust into the planet’s main Hadley cell,
intensifying the circulation via dust heating and enabling widespread dust trans-
port, and potentially leading to a global dust storm (GDS) [Lewis and Read,
2003]. These largest of Martian dust storms cover the entire planet in a thick
blanket of dust (with visible opacities possibly reaching ∼ 5 locally), with a
potential duration of several weeks.

2.1.1 Dust opacity observational record

Early dust storm observations came courtesy of the Mariner 9 and Viking mis-
sions in the 1970s. They detected global dust storms in 1971, 1973 and 1977,
including, in the latter case, two GDS within the same Martian year. The
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storms are thought to have each initiated at different locations (Argyre, Hellas,
Noachis), but generally began within the latitude band covering 15–45◦S.

After a downturn in detailed observations in the 1980s, the Thermal Emis-
sion Spectrometer (TES) on board Mars Global Surveyor (MGS) achieved an
unprecedented sequence of (largely) uninterrupted coverage of Mars, operating
succesfully from Ls = 104◦of Mars Year (MY) 24 into early MY27 (using the
convention of naming Mars years in which MY1 began on April 11th, 1955)
[Smith, 2004]. Retrieved visible opacities from this period are shown in Figure
2.1. Following on from this (with some overlap in MY26), data from the THer-
mal EMission Imaging System (THEMIS) on Mars Odyssey [Christensen et al.,
2004], extending into MY29, are shown in Figure 2.2.

Figure 2.1: 1075 cm−1 dust opacity for MY24, MY25 and MY26, from Smith [2008].

Figure 2.2: 1075 cm−1 dust opacity for MY26, MY27, MY28 and the first half of
MY29, from Smith [2009].

Several clear seasonal features can be observed. The first half of each Mar-
tian year (northern hemisphere spring and summer; Ls = 0◦–180◦) displays
little interannual variability and is characterised by low dust loading, with a
‘background haze’ of 0.1–0.2 at visible wavelengths. In contrast, the latter part
of the year (southern spring and summer; Ls = 180◦–360◦) shows a great deal
of variability from year to year. Global dust storms occurred in MY25 (be-
ginning at Ls = 185◦) and MY28 (beginning at Ls = 270◦) whereas the other
years shown here saw only regional events. Both the global and regional storms
exhibit variation in timing — in fact, the MY25 and MY28 cases seem to rep-
resent relatively early and relatively late examples respectively, with regard to
the seasonal window in which GDS generally occur. Four of the five years here
featured a significant lifting event in late southern summer (Ls = 300◦ or later).
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From the observations taken to date, large dust storms on Mars appear to
be highly unpredictable events. The reasons for GDS initiating in some years
but not others are not fully understood, though may relate to the non-linear
relationship with water condensation [Clancy et al., 1996], or changing surface
dust coverage [Szwast et al., 2006, Fenton et al., 2007].

2.1.2 Northern hemisphere lifting

A notable sub-class of regional dust storms are those which initiate in the north-
ern hemisphere during its autumn and winter seasons. Due to the large equator-
to-pole temperature gradient that exists, this region is characterised by signif-
icant baroclinic instability in the winter months. Large eddy surface winds
provide favourable conditions for dust lifting, resulting in eastward-moving dust
fronts. These fronts have been observed to move southward, with some reaching
and crossing the equator [Cantor et al., 2001]. Such events are now referred to
as ‘flushing storms’, and their likelihood of propagation appears to be strongly
dependent on the time of day and longitude of their initiation [Wang et al.,
2003].

Observational evidence [Wang et al., 2005, Banfield et al., 2004] shows that
northern hemisphere baroclinic activity exhibits two peaks, one before and one
after winter solstice. This is manifest in the seasonal distribution of southward-
moving flushing storms, with a noticeable minimum in storm occurence around
solstice. Wang et al. [2005] explain this link through the change in dominant
zonal wave mode, from planetary wavenumber 2 or 3 away from solstice to
wavenumber 1, with weaker winds associated, at solstice.

2.2 Dust properties and processes

The atmospheric dust particles themselves are a combination of clay, basalt
and silicate materials swept up from the surface topsoil into the atmospheric
circulation [Toon et al., 1977], with a typical atmospheric effective radius of
around 1.6µm [Wolff and Clancy, 2003]. Extinction due to dust is assumed
to be around twice as strong in the optical (0.67 µm) as the infrared (9 µm)
[Forget, 1998], so the presence of an atmospheric dust layer has the effect of
warming the atmosphere close to the dust, while having a net cooling effect on
the surface during daytime hours and a warming influence at night — basically,
reducing the diurnal temperature variation near the surface, by shielding it from
the changes in solar insolation between day and night.

2.2.1 Lifting mechanisms

Two main methods are postulated to explain the upwards transport of dust from
the surface into the atmosphere. The first of these is near-surface wind stress,
in which horizontal winds in the lowest atmospheric layer, if strong enough,
can cause particles to be lifted from the surface into the main circulation. The
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minimum (threshold) wind speed for dust lifting may depend on such factors
as dust particle size, interparticle cohesion (stickiness) and the density of dust
on the surface. Based on experimental studies of dust lifting, it is thought
that Martian surface windspeeds are too low to lift micron-sized dust particles
directly. Instead, lifting is believed to proceed via saltation, whereby larger
particles (generally of diameter ≥20 µm) may be partially lifted, falling short
of entering into atmospheric suspension, but on returning to the surface collide
with smaller particles, sending them into suspension [Sagan and Bagnold, 1975].

Transient convective vortices known as ‘dust devils’ provide the other main
means for dust to enter the atmosphere. These structures, observed by Mars
Pathfinder [Metzger et al., 1999] among others, can extend as high as the con-
vective boundary layer (i.e. on the order 10 km) over a horizontal range of up to
a hundred metres, and have low pressure centres which allow effective upwards
advection of surface dust. Dust devils are most common, and strongest, at times
of strong solar heating [Rennó et al., 2000].

2.2.2 Dust storm shut-off

Dust particles will, over time, fall to the ground under the influence of gravity, as
their density is greater than the atmospheric density. Settling velocity increases
with particle size, with sedimentation timescales varying from days for large
(∼100 µm) particles to months for small particles (partly explaining the year-
round baseline dust loading observed) [Read and Lewis, 2004].

Dust storms have been observed to decay and cease quite abruptly, with
some kind of shut-off mechanism seemingly triggering a sudden end to lifting.
Various explanations for this have been proposed, including an increase in at-
mospheric boundary layer static stability causing cessation of surface winds,
and key surface regions becoming depleted of dust [Basu et al., 2006]. So far,
models have suggested that the former process operates to some extent, but
may be insufficient to explain cases such as the 2001 storm.

2.3 Modelling efforts

The first general circulation model (GCM) simulations of the Martian dust cycle
came from [Murphy et al., 1995] using the NASA Ames Mars GCM [Haberle
et al., 1993], and included particle size dependence and radiative feedbacks,
but with a simple prescribed source of dust. During the last ten years, sev-
eral MGCMs have begun to use parameterised lifting processes to interactively
predict the atmospheric dust distribution.

Newman et al. [2002a,b] introduced a dust lifting and transport scheme
to the UKMGCM, by parameterising the two main mechanisms proposed for
dust lifting, namely dust devils (convective lifting) and near-surface wind stress.
This approach has become the standard method used by other dust-lifting Mars
GCMs. Details of both model lifting mechanisms, in the form in which they
exist in the UKMGCM now, are given in §3.1 and Chapter 4. The Newman
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et al. [2002a] simulations were run at ‘T21’ spectral resolution (here, the ‘21’
represents the harmonic at which the spherical basis functions are truncated
in the spectral dynamical core of the UKMGCM; the corresponding physical
gridpoint resolution is 7.5◦ in the horizontal) using a single dust particle size,
and in Newman et al. [2002b] the important radiative effects of atmospheric
dust were added.

Newman et al. [2002a] found that an important consideration for reproducing
Martian dust storms was a threshold-dependence for wind stress lifting. With
this feature applied, sharp increases in opacity could be produced upon dust
storm initiation, as is observed. Using various parameterisation versions and
settings, both a Chryse-region ‘flushing’ event, and a large Hellas-initiated dust
storm were reproduced by the model [Newman et al., 2002b]. A key difference
between the modelled and observed dust cycles was a lack of interannual vari-
ability — the UKMGCM produced very similar results each year. The timing
of global dust storms appeared to follow too closely the seasonal pattern of solar
heating.

An important feedback effect was noted for wind stress lifting, in which lifted
dust heats the near-surface atmosphere, strengthening low-level winds due to the
temperature gradient created, and thus encouraging further lifting. Therefore
lifting via near-surface wind stress is an explosive process, making it a suitable
candidate for the rapid production of dust storms that is observed on Mars.
By contrast, dust devil lifting, in the model parameterisation, shows a negative
feedback, and seems incapable of being responsible for storm initiation.

Basu et al. [2004, 2006] used a similar parameterisation setup with the GFDL
MGCM, but ‘tuned’ several lifting parameters in order to best reproduce recent
optical depth measurements. They found that a sufficiently high threshold for
wind stress lifting can cause the model to exhibit some interannual variability,
with global dust storms produced in some but not all model years. The timing
of these storms was again closely linked to the annual insolation cycle.

Kahre et al. [2008] used the NASA Ames MGCM to lift and advect a ten-
bin dust particle size distribution. It was found that observed variations in
atmospheric effective radius (namely, an increase during large storms) could
be replicated without requiring any spatial or temporal variation in the size
distribution lifted. The NASA Ames model was also used to consider a possible
limit on the amount of dust available for lifting from the Martian surface [Kahre
et al., 2005]. While such a constraint obviously does exist in reality, the use of
finite dust amounts at each model gridpoint failed to produce a realistic multi-
year dust cycle — areas important for wind stress lifting became depleted over
several model years, without sufficient replenishment through deposition of dust
carried from other regions of the planet. Thus, dust storms ceased to occur after
several model years.

To date, no general circulation model has managed to produce an accurate
multi-year dust cycle. Spatial and/or temporal variation of surface parameters
(dust surface density and particle size, surface roughness, albedo) has been
neither modelled nor measured to any great extent, and represents a major
missing component in dust schemes at present. In addition, the possible impact
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on atmospheric dust concentrations of scavenging by cloud ice particles has so
far been largely ignored by models.
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Chapter 3

The UK Mars GCM

The code used throughout this report is the UK Mars General Circulation Model
(UKMGCM), one of a handful of GCMs for Mars currently in use. It exists as
part of an ongoing collaboration between Oxford University and the Open Uni-
versity, and the Laboratoire de Météorologie Dynamique (LMD) in France. The
model uses a spectral dynamical solver, in which horizontal fields are represented
by a truncated (at a point defined by the resolution that is being used) series of
spherical harmonic basis functions. Details on the model dynamics and physics
are given in Mulholland [2009]; below is additional information on the dust
lifting schemes, which have been the subject of work during the past year.

3.1 Dust transport and physics

The UKMGCM contains a tracer transport scheme, with the associated physics
necessary to model dust lifting and transport, and the water cycle. Both air-
borne dust and water vapour are advected using a semi-Lagrangian numerical
method, including Priestley’s method of mass conservation [Priestley, 1993].

As a result of work undertaken (as part of this project) in late 2009, the
model can now be run using a combination of tracers (previously, only separate
‘dust’ and ‘water’ codes existed). Generally, however, the model has so far been
run with only one tracer cycle activated — whilst there is no direct interaction
between the two schemes, the water cycle is sensitive to atmospheric opacity
and surface heating, which are largely defined by the distribution of dust in
the atmosphere, so it is important to have an accurate representation of dust
loading in order to produce a realistic water cycle.

Dust lifting and transport were added to the UKMGCM by Newman et al.
[2002a], using (as described above) a semi-Lagrangian material advection scheme,
and two forms of parameterised lifting, namely by near-surface wind stress, and
by dust devils. These processes have been described previously (§§2.2.1). Dust
can be chosen as either passive or active — in the passive case, the radiation
code continues to refer to the prescribed opacity function mentioned above,
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regardless of dust movement, but in the active mode, atmospheric opacity is
calculated at each timestep from the transported dust field.

The upward flux of dust from the surface due to dust devil lifting is calculated
as being proportional to the ‘dust devil activity’, Λ, defined to be equal to the
product of the thermodynamic efficiency of the dust devil convective heat engine
(dependent on pressures at the top and bottom of the boundary layer) and the
sensible heat flux at the base of the vortex. The constant of proportionality is
chosen in order to produce optical depths in agreement with observations, with
the TES Ls = 0◦–180◦‘background haze’ (Figure 2.1) acting as the target for
dust devil lifting.

Near-surface wind stress lifting depends on the drag (or friction) velocity
udrag, taken from the velocity in the lowest atmospheric level u(z1) according
to

udrag =
ku(z1)

ln
(

z1
z0

) (3.1)

where k is von Kármán’s constant (= 0.4), z1 is height of the lowest model
level (∼5 m) and z0 is the roughness height (currently set uniformly to 1 cm).
For lifting to occur, this must be greater than a threshold wind velocity ut

drag,
derived semi-empirically. The importance of saltation in lifting particles of the
size observed to be in the atmosphere is accounted for by setting the actual
vertical particle flux proportional to the saltating sand particle flux, with a
proportionality constant (the ‘lifting efficiency’) whose value is again tuned to
provide realistic lifting rates. Further details on wind stress lifting methods (the
focus of part of the work done this year) are given in Chapter 4.

Once lifted into the lowest model layer by either method, the dust is rapidly
mixed up through the boundary layer by the turbulent diffusion scheme. It is
advected horizontally by the transport scheme, and falls vertically down through
model levels under the influence of gravity, eventually reaching the surface.
Surface gridpoints (unless stated otherwise, i.e. in Chapter 6) are assumed to
have an infinite supply of dust, except where covered by CO2 ice, in which case
no lifting takes place.

3.2 New model physics

As part of the ongoing collaboration between the UK and LMD teams, the
UKMGCM physics package was recently updated to incorporate work done at
LMD over the past decade. The radiation scheme has been improved, taking
advantage of new estimates of dust scattering parameters [Wolff et al., 2006]
(atmospheric dust is now thought to be ‘brighter’ than was previously believed,
with a higher single scattering albedo). Dust extinction is now calculated at each
point in space and time according to the size distribution of particles present at
that gridpoint, and the model now includes the option of implicitly transporting
a size distribution of dust particles using only two tracers (by carrying mass
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mixing ratio and number mixing ratio as the tracers and assuming a log-normal
distribution).

The model top can be extended above 200km through the addition of a
thermosphere module, including photochemistry calculations and transport for
15 chemical species [Lefèvre et al., 2004]. CO2 can now be carried as one of these
extra tracers, to simulate the non-negligible influence of non-condensable gases
in the winter polar regions, when the CO2 mixing ratio can be significantly lower
than unity. The soil diffusion scheme has been extended to 18 levels, though
water/ice diffusion is not yet operational in this new code. Polar cap albedoes
can be set to follow TES observational data, rather than the uniform visible
albedo of 0.6 previously used. Prescribed dust scenarios now exist for all three
years of the TES dataset, through data assimilation performed using the UK
code.

The water cycle is greatly improved by the use of a cloud microphysics
scheme [Montmessin et al., 2002, 2004]. Ice particle sizes are no longer fixed,
and are instead predicted based on both the water vapour pressure and the dust
nuclei concentration in each gridbox. The addition of radiatively active water
ice clouds is yet to be finalised.

Dust lifting has now been added to the new code, and its operation is cur-
rently being tested.
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Chapter 4

Work on dust lifting
schemes

Since the work of Newman [2001], knowledge of the Martian dust cycle has
increased, allowing greater constraints to be placed upon model parameterisa-
tions. Also, advances in computing power in the intervening years have made
carrying more than one dust particle size a more feasible option, and made per-
forming simulations at higher resolutions (than T21) a possibility. A general
evaluation of work done to date on the dust transporting UKMGCM was carried
out, resulting in several changes with respect to Newman et al. [2002a,b].

For one thing, it is now widely accepted that dust devils do not play an
important role in the formation of large dust storms [Newman et al., 2002b,
Montabone et al., 2005]. This fact makes the setting of the dust devil lifting
efficiency parameter considerably easier, since the most notable contribution of
dust devil lifting (in the model at least) is during northern spring and sum-
mer, Ls = 0◦–180◦. Newman [2001] looked at both threshold-dependent and
non-threshold-dependent formulations for dust devil lifting — results did not
differ hugely between the two, and since the aphelion season is known to show
little variation from year to year, the simpler non-threshold-dependent scheme
(described in §3.1) was deemed suitable for use throughout this work.

Considerably more attention was given to the near-surface wind stress lifting
parameterisation, since this is likely to be the more important lifting mechanism
for producing dust storms. All the work described below used dust as a radia-
tively active tracer, following Newman et al. [2002b]. The difference between
this approach and the passive dust simulations of Newman et al. [2002a] is sig-
nificant, owing to the strong positive feedback that exists for wind stress lifting,
due to dust heating.
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4.1 Calculation of lifting threshold for near-surface
wind stress

For wind stress lifting, the approach taken by Newman et al. [2002a] was to
assume that saltation of sand particles is essential for lifting of micron-sized
dust particles, and therefore to calculate the lifting threshold for a particle
diameter Dp of around 100µm. This threshold drag velocity was given by the
semi-empirical formula from Greeley and Iversen [1985]:

ut
drag = A

√
gDp

ρd − ρ

ρ

where ρd is the density of Martian dust (∼ 2500 kgm−3). The factor A must be
found by solving iteratively a set of semi-empirical equations which depend on
atmospheric density, particle density and particle diameter, and the interparticle
cohesion parameter, Ip, which measures the tendency of small particles to stick
together. The result is that thresholds are predicted to increase both for large
and for very small particles, and lifting is indeed predicted to be easiest for
sand-sized particles of diameter 10–100µm.

Several problems existed with this formulation. The interparticle cohesion
parameter has not been measured for Mars, but values of around 6×10−7 Nm− 1

2

are commonly used for both Earth and Mars [Greeley and Iversen, 1985]. To
allow any lifting at all it was necessary to use a value towards the lower end
of allowed values; otherwise predicted thresholds were too high. In subsequent
years, it became apparent that the timing (within the model code) of calculation
of the surface drag velocity should be changed — it should be calculated after,
rather than before, the vertical diffusion module is applied. This has the effect
of lowering surface winds (due to upward turbulent mixing), making lifting more
difficult. It was found that extremely small (and probably unrealistic) values of
Ip were necessary to allow lifting to take place.

A simpler approach, which avoids the iterative calculation required previ-
ously, was found using the approach of Shao and Lu [2000]. In their model of
saltation, Ip is assumed to be a function of particle size, so does not explicitly
appear in the formulae. It nonetheless produces a similar size dependence to the
Greeley and Iversen [1985] method, with a minimum threshold for sand-sized
particles, in agreement with experimental studies (such as Greeley and Iversen
[1985]). The threshold for lifting is expressed as

ut
drag =

√
AN

(
σpgDp +

γ

ρDp

)
, (4.1)

where σp = ρd

ρ , γ ≈ 3×10−4 kg s−2 and AN ≈ 0.0123. This formula can be
differentiated with respect to particle diameter to find the minimum threshold
velocity, for sand particles:

(ut
drag)min =

√
2AN

(
γρdg

ρ2

) 1
4

(4.2)
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which applies for particles of diameter

Dp =
√

γ

ρdg
,

or around 180µm.
The dependence of the threshold velocity on near-surface atmospheric den-

sity (∼ ρ−
1
2 ) means that this is referred to as a constant threshold stress ap-

proach, since surface stress is defined as ζ = ρudrag
2. The previous method

of calculating the threshold at each gridpoint had a more complex functional
dependence on ρ, but actually produced quite little deviation from the constant
threshold approach, so this simpler method arguably sacrifices little accuracy.
Indeed, Newman et al. [2005] reverted to such a method, for experiments using
altered orbital parameters. In addition, using the Shao and Lu [2000] threshold
requires no unrealistic assumptions of parameter values, as was previously the
case with Ip.

However, thresholds calculated using equation (4.2) still proved to be too
high for lifting by model surface winds, except in very rare cases. Two consid-
erations, detailed below, can explain this discrepancy, and allow for reduction
of these predicted thresholds to values more amenable to producing lifting in
the GCM.

4.1.1 Sub-gridscale gustiness

General circulation models have typical horizontal resolutions of order 100km,
so miss the large degree of variability that exists on smaller scales. In partic-
ular, surface wind is represented only by one (mean) value, so any local peaks
or transient gusts in wind velocity at the surface are neglected. This is an im-
portant consideration for lifting, as it is a threshold-dependent process, so any
lifting that does occur will be due to only the strongest winds that exist within
a gridbox.

To account for this, the approach tried by Newman [2001] was to describe
surface wind at each gridpoint using a (Weibull) probability distribution, ap-
plying some knowledge gained from Viking lander wind data. The total salta-
tion (horizontal) flux was estimated by integrating over the probability density
function, from threshold velocity to infinity. In this way, even if the mean
surface wind was lower than the threshold, some fraction of the gridpoint still
contributed a dust flux. The downside of this method was that lifting be-
came ubiquitous, regardless of the surface wind speed, since there was always
some contribution from the high-velocity tail of the distribution. This effect
weakened the threshold dependence of the dust lifting parameterisation, and
substantially reduced interannual variability. The probability distribution ap-
proach also failed to reproduce the rapid increases in opacity observed to be
associated with Martian dust storm initiation.
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4.1.2 Fluid and impact thresholds

Another factor is the different reaction to surface wind of particles that are
stationary on the surface compared with particles that are already undergoing
saltation. We may speak both of a fluid threshold, which is the wind stress
required to directly move/lift particles off the surface, and an impact threshold,
which is the stress needed to lift particles through collisions with other particles,
or alternatively the stress needed to sustain a flux of saltating particles after they
have been set in motion. The impact threshold is the lower of the two, since the
contribution of the saltation flux enhances lifting, but on Earth the difference
between the two thresholds is not thought to be very great (uit

drag/uft
drag around

0.8) [Kok, 2010a].
Recent numerical studies [Almeida et al., 2008, Claudin and Andreotti, 2006,

Kok, 2010a] have found that the situation on Mars may be quite different. It
has been estimated that the impact threshold may be less than 50% of the
fluid threshold (uit

drag/uft
drag ≈ 0.48 according to Almeida et al. [2008]; ∼ 0.3

according to Claudin and Andreotti [2006]; and ∼ 0.1 according to Kok [2010a]).
The Shao and Lu [2000] calculation is for the fluid threshold, so using equation
(4.2) as the criterion for dust lifting will overestimate the difficulty of lifting —
in fact, surface wind need only exceed the fluid threshold briefly for saltation to
begin, after which lifting can continue so long as the wind stays above the lower
impact threshold. It seems that a considerable hysteresis effect may be at work
for Martian dust lifting.

An attempt to model this ‘two-threshold’ situation explicitly is described in
§§5.1.1. However, at least at low resolution, it performed worse than previous
schemes, so has not been used further.

4.1.3 Reduction to the calculated threshold

The lifting threshold formulation used throughout this work is therefore an ap-
proximation to both the issues mentioned above, applied in such a way as to
remain relatively simple whilst allowing some variability. Both sub-gridscale
gustiness and the effect of a low impact threshold should lead to more dust
lifting, so the approach taken was to combine both these considerations into a
single reductive scaling factor, applied to the fluid threshold (equation (4.2)).
The lifting threshold was lowered until an appropriate amount of dust lifting be-
came possible. The value of this scaling factor depends somewhat on resolution
(see Chapter 5), but at T31 a value of 0.7 was found to be appropriate.

This is obviously a major simplification of what are undoubtedly impor-
tant effects in Martian dust lifting, but at present it seems the most logical
approach to take for a GCM lifting scheme, until further information is avail-
able. Mesoscale and large eddy simulation (LES) studies promise to tell us
more about the sub-gridscale surface wind variations we should be attempting
to compensate for in GCMs, and the hysteresis component of saltation on Mars,
a very recent discovery, is another aspect of lifting that could potentially be well
served by high resolution modelling (using models such as those of Rafkin et al.
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[2001] or Spiga and Forget [2009]).
The effect and importance of the choice of lifting threshold are detailed

further in Chapter 5.

4.2 Saltation flux

If the surface wind at a gridpoint exceeds the threshold described previously,
saltation (and consequently dust lifting) is assumed to occur. The relationship
between sand flux H and drag velocity has generally been taken as that derived
(empirically) by White [1979]:

H = max


0, 2.61

ρ

g
(udrag)3

(
1− ut

drag

udrag

)(
1 +

ut
drag

udrag

)2

 , (4.3)

and upward lifted flux is then set proportional to H.
Experimental evidence [Iversen and Rasmussen, 1999] and more recent nu-

merical modelling studies [Almeida et al., 2008] have suggested that the true
dependence on wind shear may be slightly different, however. In particular, the
numerical model of Kok and Renno [2008] was able to match a range of exper-
imental results, and found a stronger saltation flux at wind speeds just above
threshold than the White [1979] formula produces.

In addition, they considered the effects of electrostatic interactions between
saltating particles and the surface, and found that this leads to a reduction
in saltating intensity at higher near-surface wind velocities. During saltation,
particles that are lifted, on average, acquire a negative charge, while the surface
tends to become positively charged. The attraction between the saltating layer
and the ground then acts to reduce the height of the saltating layer, reduces
the saltating particles’ velocities, and actually allows a greater concentration of
particles near the surface, but overall reduces the intensity (measured as the
height-integrated mass flux) of the saltation, compared to the no-electrostatic
case.

A fit to the results of Kok and Renno [2008] was found as
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(4.4)
and inserted into the model dust lifting routine, to be activated whenever surface
wind stress exceeds the threshold value.

A comparison of the functions (4.3) and (4.4), as well as several other forms
suggested in the literature, is shown in Figure 4.1. Since the overall flux of
dust lifted into the atmosphere is set proportional to the saltation flux using a
tuneable ‘lifting efficiency’ parameter, only a change to the shape of the sand
flux function (rather than its amplitude at a given wind stress) will have a real
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Figure 4.1: Various saltation flux functions [White, 1979, Kok and Renno, 2008,
Almeida et al., 2008, Sorensen, 2004] plotted against drag velocity above threshold.
The red curve [Kok and Renno, 2008] is the one used in the MGCM lifting scheme
throughout this work.

effect on model results. Thus, it seems that the Kok and Renno [2008] func-
tion provides slightly more ‘explosive’ dust lifting when winds move just above
threshold, since a larger proportion of the area under the curve is contributed
by the low-velocity end, when compared to the White [1979] curve. At higher
velocities, perhaps 1 ms−1 or more above the lifting threshold, the effect of elec-
trostatic interactions comes into play, limiting saltation and lifting somewhat.
Model winds only occasionally reach this strength, so it is not clear if this is an
important effect for model (or actual) dust storm growth.

With a large degree of ‘tuning’ involved in producing realistic model lifting,
and a lack of detailed, in situ data on dust lifting processes, asserting the validity
of one saltation flux function over another is difficult (even for dust emission
on Earth) and probably not of primary importance to obtaining an accurate
modelled dust cycle. Indeed, similar levels of realism (including interannual
variability) in the dust cycle were obtained using the White [1979] and Kok and
Renno [2008] functions, indicating that this choice is not crucial at this stage of
the dust lifting scheme’s development.

4.3 Size dependence

The work of Newman [2001] was carried out predominantly using a single parti-
cle size of 2µm, but included a preliminary attempt at carrying a more complete
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size distribution. This work has continued that approach. The majority of simu-
lations described in this report used six particle size bins, with properties listed
below (the short wave absorption coefficient, Qext(0.67µm), was the only ra-
diative parameter set to vary with particle size). Sizes were chosen to fulfil a
volume-ratio size distribution, where the ratio of each successive pair of particle
volumes (with increasing size) is a constant.

Radius / µm Qext(0.67µm)
0.1 0.228

0.251 2.27
0.631 3.05
1.58 2.39
3.98 2.19
10.0 2.10

Measurements of dust particle size in the Martian atmosphere have typically
been fitted by assuming either a modified-gamma or log-normal size distribution,
with an effective radius found to be equal to around 1.6µm, fairly uniformly,
outside of large dust storms. An increase in average particle size, with reff =
1.8–2.5µm, has been noted during global storms such as that which occurred in
2001 [Wolff and Clancy, 2003].

Assuming that the removal of dust particles from the atmosphere occurs
primarily through their sedimentation under gravity, larger particles will be
removed more quickly than smaller particles, since settling velocity increases
with particle diameter (wsed ∼ Dp

2). This would suggest that, to produce the
observed particle size for suspended dust, the distribution of dust lifted from the
surface must be shifted towards larger particle radii, in order to counteract the
differential sedimentation that occurs once particles have been raised. Indeed,
it was found that a gamma-modified distribution with reff ≈ 2.75µm for lifted
dust could produce a realistic atmospheric size distribution for both storm and
non-storm conditions (Figure 4.2).

It is quite possible that the lifting mechanisms of dust devils and near-
surface wind stress in fact have different size dependences for lifting, but a lack
of detailed observations of lifted dust flux leaves us without any knowledge of
this relationship. Therefore, the same lifted size distribution was set for each
of the lifting methods — a seasonal variation in atmospheric effective radius is
still produced, as a consequence of the more concentrated nature of wind stress
lifting during dust storms. Similarly, despite some evidence that, for wind stress
lifting, higher friction velocities favour the emission of smaller particles (e.g.
Alfaro et al. [1997]), it is not yet possible to produce any quantitative prediction
of the dependence of lifted particle size on wind velocity (especially given the
lack of information on Martian soil properties and surface size distributions).
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Figure 4.2: Atmospheric dust effective radius, averaged over various latitude bands,
for a typical model year at T31 (described in Chapter 5). A significant dust storm
takes place at Ls = 210◦, and smaller lifting events occur in the southern hemisphere
at Ls = 270◦ and Ls = 300◦.
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4.4 Summary

Several aspects of parameterising dust lifting for a GCM have been addressed.
For estimating the threshold drag velocity necessary to initiate saltation, the
formula of Shao and Lu [2000] was used, due to its simplicity in comparison with
expressions previously proposed. Since model dust lifting using these threshold
values was predicted to be very rare, the thresholds were reduced by a factor of
around 0.7 to allow a suitable degree of lifting over the year. This was intended
to account for the effects of sub-gridscale gustiness (since transient high-speed
surface winds will tend to dominate dust emission at a particular location) and
the existence of a significantly lower impact threshold on Mars. In particular,
the approach of scaling the threshold due to unresolved variance in the wind
field is supported by the findings of Okin [2005], but more detailed knowledge
of the form of this variance is desirable, and may be acquired from mesoscale
and LES experiments in future.

The choice of saltation flux expression followed Kok and Renno [2008] —
while it is difficult at present to verify this flux dependence, particularly on
Mars, it does slightly favour more explosive dust lifting in comparison with the
previously-used White [1979] formula, which would appear to be in qualitative
agreement with what we observe in Martian GDS initiation. No size-dependency
has been used in the dust lifting calculations, due to a lack of knowledge of
Martian soil properties relevant to these predictions. The use of a fixed size
distribution for lifted dust does however replicate the general seasonal trend in
atmospheric dust particle effective radius.
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Chapter 5

Resolution dependence and
tuning

5.1 Choice of lifting parameters

Using the lifting scheme setup as described in the previous chapter, it still
remained to choose appropriate values for the ‘lifting efficiency’ parameters αD

(for dust devil lifting) and αN (for near-surface wind stress lifting). While
the true contribution of dust devil lifting to atmospheric opacity is not fully
understood at present, the model predicts very little wind stress lifting during
the aphelion seasons from Ls = 0◦–180◦. Therefore, the background opacity
that exists during this period must (in the model at least) be provided mainly
by dust devil lifting. αD was chosen so as to produce realistic aphelion opacities,
through comparison with observation, in particular those from TES of MY24–
26. As can be seen from Figure 5.1, this lifting efficiency shows a resolution
dependence, with a lower αD needed at each increase in resolution.

Choosing a suitable αN was less straightforward, due to the strong year-to-
year variability that exists in the observational record for the Martian perihelion
season (Ls = 180◦–360◦). Rather than attempting to directly reproduce opaci-
ties from a particular Mars year, the goal instead was to produce a model dust
cycle that resulted in realistic peak global opacities when viewed over a period
of several years — that is, involving large dust storms (with peak opacities of
∼ 3) approximately every three years, and smaller, regional dust lifting events
in the remaining years (with opacities locally exceeding unity in each year, in
accordance with observations — see Figures 2.1 & 2.2).

In practice, the ‘tuning’ of the wind stress lifting efficiency was something
of a trial and error process, since the threshold for lifting (see §4.1) was also
variable, to a certain degree. As mentioned previously, the threshold stress
(constant for all gridpoints) was set so that model dust lifting was sufficiently
‘difficult’ — if the threshold was set too low, then spurious lifting would occur
during northern summer (particularly in the Tharsis region), whereas too high
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Figure 5.1: 610Pa visible opacity from dust devil lifting, averaged between 45◦N and
45◦S, with values of αD as shown (in units kgJ−1 (the initially low T63 opacity is
due to follow-on from a lower αD run). The three black lines show observed opacities
(averaged over the same region), from assimilation of TES data from MY24 (solid),
MY25 (dotted) and MY26 (dashed). The discrepancy at Ls = 150◦–180◦is probably
due to wind-stress lifting, which is not activated here.
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Figure 5.2: Globally averaged visible dust opacity from 6 model years at T21 resolution
(αN=5.5×10−7 m−1, αD=4×10−11 kgJ−1).

a threshold allowed no lifting at all.
The choice of threshold could, to some extent, be offset by an appropriate

choice of αN (i.e. a higher lifting efficiency to encourage lifting, when using
a high threshold), but it was found that a narrow range of parameter space
existed that allowed both realistic opacity levels (without the risk of the model
crashing due to excessive dust-raising) and some interannual variability. Year-
to-year variation in global opacity was something found to be lacking in the
work of Newman [2001], but here the use of a higher threshold stress (of 0.019
Nm−2, compared with the 0.01 Nm−2 used, for example, in Newman et al.
[2005]), perhaps combined with the slightly different saltation flux functional
form used (§4.2) and the altered order of calculation for drag velocities (§4.1),
causes some variability to arise naturally from the model, despite the lack of
any surface feedbacks.

Global opacities from several successive years of the ‘tuned’ model, at T21
resolution, are shown in Figure 5.2. It is clear that the model is capable of
producing storms of varying size and with varying initiation times, over an
extended run. Since the Martian atmosphere has a short radiative timescale, on
the order of one sol, the climate system retains no ‘memory’ of any storms that
occurred during previous years. The variability observed is due to small-scale
fluctuations in the atmospheric state, with the strict lifting threshold providing
the means of amplifying the effect of these fluctuations. The positive feedback,
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that applies as wind stress dust lifting begins, allows opacity to increase rapidly
during storm initiation.

However, storms begin only during a window from Ls = 240◦–270◦, when
in reality, significant lifting events are observed both earlier and later in the
Martian year than this. The shape of the opacity curve appears too similar
to the pattern of seasonal insolation (Martian perihelion occurs at Ls = 251◦),
despite the ‘randomness’ introduced by the threshold-dependent lifting scheme.
If αN is increased to try to allow lifting earlier in the year (the 2001 storm began
as early as Ls = 185◦), lifting becomes too strong later in southern summer,
causing the model to crash due to excessively high atmospheric opacities.

5.1.1 Double threshold attempt

As was mentioned in §§4.1.2, the true situation on Mars is likely to involve
two distinct lifting thresholds, with a lower ‘impact threshold’ being a sufficient
criterion for lifting provided the saltation process has already begun locally. Kok
[2010a] was able to provide an analytic expression for the impact threshold that
was consistent with results from a numerical model of saltation. He suggested

uit
drag =

(
700
P

) 1
6

(
220
T

) 2
5

exp(−5.1 + 280
√

Dp − 3.6× 103Dp) (5.1)

where Dp once again denotes dust particle diameter.
A ‘two-threshold’ scheme could then be applied within the UKMGCM. At

each gridpoint, lifting was set to activate whenever the surface wind exceeded
the fluid threshold (calculated in the same way as before), and continue until it
fell below the impact threshold (taken directly from Equation (5.1)).

Since lifting, whenever it is activated, now continues for longer at a given
gridpoint, the lifting efficiency had to be reduced accordingly, to keep optical
depths at realistic levels. After tuning of αN , a multi-year run was performed
(T21), the results of which are shown in Figure 5.3. In comparison to the single
threshold results of Figure 5.2, this is evidently inferior — the variation in timing
of dust storm initiation is greatly reduced (a storm starts every year at Ls ≈
250◦), and the opacity increase upon initiation is less sharp. Optical depth
varies more gradually (with a strong link to insolation), due to the ‘weaker’
lifting criterion applied by this parameterisation, and interannual variability is
reduced.

No further work was done using the two-threshold parameterisation. How-
ever, after a shift to slightly higher resolution runs (see §5.3), it may be desirable
to return to this approach at some point, using a more sophisticated parameter-
isation to try to get around some of the weaknesses inherent in a low-resolution
GCM simulation. A recently published paper by Kok [2010b] may prove useful
for this work.
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Figure 5.3: Globally averaged visible dust opacity from 6 model years at T21 resolu-
tion, using the double threshold scheme (αN=2.9×10−7 m−1, αD=4×10−11 kgJ−1).

5.2 Suitability of T21 resolution

Up to this point, simulations had typically been carried out at T21 (7.5◦ by
7.5◦ horizontal) resolution, but when the lifting scheme had been tuned to give
realistic global opacities, it became apparent that all the global dust storms
originated in the Daedalia Planum region (south of the Tharsis range, near
30◦S, 120◦W), rather than on the edge of the Hellas basin, which observations
suggest to be the preferred source of large dust storms [Strausberg et al., 2005]
(the Daedalia region was, however, activated as a secondary lifting site during
the growth of the 2001 storm [Strausberg et al., 2005] and may be a possible
storm initiation region during certain years). Furthermore, very few northern
winter ‘flushing’ storms were produced, whereas in reality these southward-
travelling storms may be quite common and often a key component of global
dust storm initiation [Wang et al., 2003].

The reason for these inaccuracies seems to be that the poor spatial reso-
lution at T21 conspires to produce overly-large surface winds (and thus sur-
face stresses) in the Daedalia Planum region during summer, leading to large
amounts of dust lifting in this region in preference to Hellas or elsewhere. To
ensure dust storms did not grow too large, then, the lifting efficiency needed
to be set at a lower value than would otherwise have been the case, thereby
inhibiting storm growth in the northern hemisphere baroclinic region in winter,
and possibly also around Hellas. Frontal storms in the northern hemisphere are
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Figure 5.4: Maximum stress at CO2 ice-free gridpoints over one year at T21 resolu-
tion using a prescribed dust distribution. Topography contours are overlaid in black.
Contour levels are chosen to enable comparison to subsequent plots.

probably not adequately resolved at such a low resolution.

5.2.1 Influence of resolution on peak surface winds

The high Daedalia Planum stresses can be seen in Figure 5.4, which plots the
maximum surface stress recorded at each gridpoint during a model year run
without radiative dust feedbacks (that is, representing conditions from a no-
global-storm year). Model data was output four times per sol (Martian day),
so the values here have been subjected to 6-hour averaging — actual model
timesteps will inevitably have briefly exceeded these values. Nonetheless the
relative maximum stresses between various geographical regions can be mean-
ingfully compared. Since we are interested in the effect of surface stresses on
dust lifting, only ice-free gridpoints have been considered.

The southern hemisphere show three main peaks in maximum wind stress
— on the south-west slope of Hellas, the south-west edge of the Argyre basin
(60◦S, 60◦W) and in the Daedalia Planum region, as mentioned above. Large
stresses at high northern latitudes correspond to the winter baroclinic region
characterised by strong westerly winds. In particular, potential ‘storm tracks’
can be identified in the northern hemisphere meridional paths of large maxi-
mum stress centred at 40◦W (the Acidalia Planitia and Chryse regions) and at
100◦E (Utopia and Isidis Planitia), with another less obvious track at 170◦E
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Figure 5.5: As for Figure 5.4, but at T31 resolution.

(Arcadia and Amazonis Planitia). These tracks have been previously identified
[Hollingsworth et al., 1996] and are due to western boundary currents associated
with large equatorial topography (respectively the Tharsis range, Arabia Terra,
and Elysium Mons) [Joshi et al., 1995].

A comparison (in relative magnitude) can be made with Figure 1 of Basu
et al. [2006], a similar plot taken from a run at 5◦ by 6◦ resolution. It is seen
that the Daedalia Planum wind stress peak is absent from the Basu et al. [2006]
simulations, while the northern hemisphere high-stress regions are somewhat
different, being concentrated mainly at 30◦–120◦W. The Utopia Planitia storm
track is much less obvious.

The same experiment was then performed with the UKMGCM at T31 res-
olution (5◦ by 5◦), again outputting every 6 Martian hours, and the results are
shown in Figure 5.5. The Daedalia Planum stress maximum is now much lower
in comparison to the maximum at Hellas, and somewhat lower than that at
Argyre. However, the Utopia Planitia maxima remain, and a southward high-
stress track is still clearly defined at this longitude. The implication here is that
northern winter baroclinic storms should be formed at Utopia with compara-
ble ease to Acidalia, whereas Basu et al. [2006] find Acidalia to be much the
preferred region.

Moving to higher resolutions, changes to the distribution of maximum stress
of Figure 5.5 are less noticeable than the differences between the T21/T31 plots.
Annual peak stresses are shown for T63 (2.5◦ × 2.5◦) resolution in Figure 5.6.
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Figure 5.6: As for Figure 5.4, but at T63 resolution.

Besides maximum stresses being generally larger, differences include a further
relative reduction to the Daedalia peak, and an increase along the Acidalia storm
track with respect to the Utopia path (suggesting that at higher resolution the
ratio of wind strengths between the two tracks is moving closer to what is
(indirectly) observed). In comparison to T31, the T63 peaks at Hellas and
Argyre have increased by 50% or more.

To avoid the Daedalia Planum wind anomaly, and to better resolve northern
hemisphere cap-edge storms, it was decided that any future dust cycle simula-
tions should be carried out at T31 resolution, or higher.

5.3 T31 dust lifting simulations

After an adjustment of the lifting parameters (to allow for the increased ‘gusti-
ness’ in surface winds due to the slightly smaller spatial scales of T31), it can
be seen in Figure 5.7 that the model generates fairly good variability from year
to year at this resolution. Large dust storms occur only in certain years, while
lifting generally peaks during southern summer each year. Figure 5.8 shows the
variation in size and timing of storms that is found with this model setup —
any storms that occur typically do so during the pre-solstice period, around Ls

= 200−270◦. A range of peak global opacities are produced, but the prolonged,
very large opacities typical of major global storms (such as the 2001 storm) are
missing, at least from this particular simulation.
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Figure 5.8: Globally averaged optical depth for six model years under the same con-
ditions as in Figure 5.7.

The region of initiation of the largest storms differs somewhat from the 2001
GDS (first opacity increases were noted to the north of the Hellas basin [Smith
et al., 2002]). The most rapid increases in optical depth do occur in the vicinity
of Hellas, but initiation does not occur spontaneously — rather, a flushing storm
(now more readily produced, in comparison to T21) arrives along the Utopia-
Isidis channel, and upon reaching Hellas sparks a global dust event. In some
other model years, a similar process occurs in the Chryse-Noachis regions. This
kind of storm initiation has been observed [Cantor et al., 2001, Liu et al., 2003],
but it is not yet clear if any distinction exists between this mechanism and the
‘direct’ initiation of the 2001 GDS.

The preference for Utopia-initiated storms may be at odds with observations,
which suggest Acidalia to be the more common region for such events [Wang
et al., 2005]. If the model is in fact overestimating flushing storm activity in
the Utopia channel, a key reason may be neglected surface considerations (see
Chapter 6).

Latitude-altitude plots of dust mixing ratio and effective radius, before and
during a storm, are shown in Figure 5.9. Observed vertical profiles of dust
concentration have been somewhat lacking to date, but Kleinbohl et al. [2009]
presented Mars Climate Sounder retrievals showing a general opacity decrease
with height, with a rapid fall-off above 20km, which is not dissimilar to the
(outside-storm) plot of Figure 5.9(a). The other plots show that dust mixing
ratio and reff both increase in response to intense lifting during a storm. A
mixing ratio maximum develops at around 20km altitude during the storm,
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while reff peaks slightly lower (∼ 10km).

(a) Northern summer (b) Storm initiation

(c) During storm (d) Storm decay

Figure 5.9: Dust mass mixing ratios (colours) and effective radii (black contours) for
Ls values as noted. Each consecutive mixing ratio contour marks a doubling of dust
mixing ratio; the lowest is set at 1 × 10−8 kg/kg.

5.4 Northern winter ‘solstitial pause’

5.4.1 Absence from model runs

As mentioned in §2.1.2, the timing of cross-equatorial flushing storms displays a
robust seasonal pattern, correlated with baroclinic wave activity, peaking before
and after northern winter solstice and with a clear minimum during a window of
around 50◦Ls duration, centred at solstice [Wang et al., 2005]. Thus, in order to
correctly simulate Martian flushing storms (and bearing in mind their possible
influence on the wider atmosphere), it is necessary that the model reproduces
the observed ‘solstitial pause’ in eddy activity. The UKMGCM, however, while
showing clearly this feature when assimilating TES atmospheric data [Lewis
et al., 2008], produces only a weak spontaneous minimum in eddy activity at
T31 resolution.
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(a) Assimilation of MY24

(b) UKMGCM, at T31 resolution, using prescribed
dust

Figure 5.10: Standard deviation of temperature during northern autumn and winter,
2.5km above the surface.

(a) Assimilation of MY24 (b) UKMGCM, using prescribed dust

Figure 5.11: Solstitial meridional temperature gradient at the edge of the northern
polar vortex (NB: units are actually 10−6 K/m, not 10−6 K/km as stated in the
image).
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Figure 5.10 shows the standard deviation temperature at a height of 2.5km
above the surface, from the assimilation of MY24 TES data (a), and from the
free-running GCM at T31 resolution with a simpler prescribed dust opacity (b).
The temperature data have been filtered to focus only on transient waves (with
periods of 1.5–10 sols), by removing short-period tides and long-period quasi-
stationary waves. The solstitial pause is seen clearly in the assimilation, but is
not well reproduced by the model (and is even less apparent whenever online
dust lifting is used to determine atmospheric opacity).

The reasons for this solstitial pause in baroclinic activity are not fully under-
stood, but one factor that is likely to be key is the large meridional temperature
gradient that exists at the edge of the polar vortex during northern winter. As
seen in Figure 5.11, in comparison to the assimilation results, modelled temper-
ature gradients are somewhat weaker and more spread out in latitude — the
boundary of the northern polar vortex is not as clearly defined as it should be.
This may be partly a resolution issue, through simply not having enough points
in latitude with which to resolve the vortex boundary; however, the minimum
in eddy activity is apparently captured by the free-running GFDL model, at
similar resolution, even when using active lifted dust [Basu et al., 2006], sug-
gesting that there may be something more fundamental affecting the UKMGCM
(also, the clarity of the pause in the UK model appears largely unchanged by
an increase in resolution to T63).

Use of the TES assimilation dataset permits a detailed comparison of the
model to (effectively) observations, in order to identify exactly where deviations
arise in model fields and hopefully to get an insight into which processes are
causing the discrepancies. By running the model using the prescribed ‘MY24’
dust scenario, which was obtained directly from the TES assimilation of that
year, the atmospheric dust opacity is eliminated as a possible source of error (at
least for this comparison — the assimilated opacity distributions have their own
associated uncertainty). Any differences must then be a consequence of missing
physics or underresolved dynamical processes.

Figure 5.12 shows that the model is too warm poleward of 50◦N throughout
the northern baroclinic season, and that this warm bias is confined below 20km
either side of solstice, but more notable at higher altitudes at solstice. This
region is thought to be very cloudy during winter, particularly in the lowest
scale height [Montmessin et al., 2004, Smith, 2004] so the lack of radiatively-
active ice clouds (both H2O and CO2) in the model may be contributing to
the problem — the overall effect of cloud heating and cooling can be complex
and difficult to predict. Further work is needed to diagnose the contributions
of different components to the polar heat balance (adiabatic heating in the
descending branch of the Hadley cell, latent heat of CO2 sublimation, solar
radiation, etc.) and find out what is causing this high-latitude temperature
bias.
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Figure 5.12: The difference in temperature between free-running GCM (with MY24
dust opacity) and the assimilation of MY24, before winter solstice (top), at solstice
(middle) and after solstice (bottom).
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5.4.2 Manifestation and mechanism

A GCM study provides an opportunity to try to understand more clearly the
reasons for the development of the solstitial pause. Factors noted by Wang
et al. [2005] include the sharpening of the temperature gradient, dT/dy, around
solstice, and a solstitial peak in atmospheric static stability. The amplitude of
the eddy minimum appears to be affected somewhat by the occurrence of large
dust storms (with an associated increase in static stability), but it is a robust
feature which appears in each year of the TES dataset. Northern polar winter
sees the formation and expansion of the CO2 ice cap, which reaches a maximum
southerly extent of 45◦N close to solstice; its growth and subsequent shrinking
do not occur symmetrically about solstice, however (it doesn’t sublimate fully
until Ls ≈ 90◦, the following year).

The pause occurs only at low altitudes — it is specifically associated with
eddies with zonal wavenumber s=3, which show a clear solstitial minimum near
the surface but are unable to propagate to higher altitudes ([Wang et al., 2005],
and Figure 5.13). By contrast, s=1 eddies dominate above 20km and show a
maximum at solstice. It is the s=3 eddies, then, with the highest associated
meridional velocities, that are responsible for initiating pre- and post-solstice
dust storms.

An area which merits further examination is the influence of topography on
winter baroclinic instability. The Martian surface slopes downwards towards
the pole from the equator to around 80◦N, with a varying gradient (this can be
seen (e.g.) in Figure 5.11). The quasi-geostrophic Eady model, with a sloping
bottom boundary, predicts that a boundary sloping in the opposite direction to
the isentropes (as is the case here) increases stability, particularly for long waves;
furthermore, it suggests that increasing the gradient of the slope shifts the most
unstable wavelength towards lower values, and reduces the vertical extent of the
wave [Blumsack and Gierasch, 1972, Mechoso, 1980]. Therefore, the seasonal
(southward) movement of the CO2 cap edge, during which it experiences a
variation in surface gradient, could contribute to the seasonal pattern in eddy
activity.

Using the UKMGCM, it is possible to carry out experiments using altered
Martian topography, to explore how different slopes can affect instability. From
initial runs, a sensitivity to surface gradient has been seen in the depth of the
solstitial minimum and the dominant eddy mode. Further investigation into
this area is ongoing.
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Figure 5.13: Wavenumber 3 eddy temperature fluctuations from the assimilated MY24
dataset, before solstice (top), at solstice (middle) and after solstice (bottom). s=3
eddies are confined to low levels.
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Chapter 6

Surface conditions and
feedbacks

Several weaknesses with the ‘infinite surface dust’ lifting prescription are ap-
parent, including a shortfall in late summer lifting events, some disagreement
with observations over the initiation regions of large storms, and insufficient
amplitude of variability from year to year.

In addition, achieving a realistic dust cycle requires careful and extremely
precise tuning of lifting parameters — this version of the model is insufficient
for paleoclimate simulations, since retaining the lifting settings for present-day
Mars (the only justifiable choice) and switching to a higher obliquity (∼ 35◦)
results in runaway lifting due to windier conditions, and causes the model to
crash. Clearly some process that limits the amount of dust in the atmosphere
is missing.

Several surface considerations have been neglected throughout the preceding
chapters, but the most important is probably a limitation on the amount of
surface dust available for lifting.

6.1 Applying limits to the surface dust supply

Evidence that dust lifting is limited by more than simply the surface wind
stress is seen in the TES assimilation of Montabone et al. [2005], in which
dust opacities in each Martian year analysed began to decline from their peak
values (indicating that dust lifting had ceased) whilst surface winds were still at
maxima. It would seem that further dust lifting was prevented by a decreased
ability of the surface to provide dust at the relevant lifting sites. Additionally,
Szwast et al. [2006] found that large global storms can cause significant variation,
on regional scales, to the surface albedo, which implies substantial redistribution
of surface dust.

[It should be noted that the following work was undertaken initially at T21
resolution. The dust cycle at this resolution may not be realistic, but lessons
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from experiments with finite surface dust reservoirs can nonetheless provide
information on the potential importance of this aspect of dust lifting parame-
terisation. The results from T31 work to date are mentioned in §§6.2.1.]

It was already known, from Kahre et al. [2005], and confirmed by simulations
with the UKMGCM, that using a simple finite surface dust reservoir does not
work for long GCM runs, since preferred lifting regions are not resupplied by
dust devil lifting and transport during ‘no storm’ years. However, the deduction
that typical storm initiation regions must be home to an abundance of surface
dust [Kahre et al., 2005] seems doubtful in light of the assimilation results
mentioned above, as well as the shortcomings of ‘infinite dust’ GCM simulations
conducted thus far. Other explanations for the continuation of dusty conditions
on Mars could be that resupply to key lifting areas occurs by processes that are
currently unresolved, or not modelled, by GCMs; or that during the resupply
process, surface dust at those key gridpoints can become ‘protected’ by increased
lifting thresholds.

6.1.1 Variable threshold wind stress scheme

Simulations by Pankine and Ingersoll [2002] found that requisite interannual
variability was introduced to a simplified global Mars model by allowing the
threshold for lifting to vary over time — specifically, they had the threshold
increase following a large dust storm, and decrease in the intervening period.
Suitable tuning of the increase and decrease rates allowed global dust storm
frequency to be tuned to approximately match that currently observed on Mars.
Very recently, this idea has been adapted for a GCM by Wilson and Kahre
[2009], an approach from which this work takes its cue.

The physical rationale offered for the parameterisation is as follows. At
any given time, the threshold lifting stress in a region depends on the ratio
of ‘liftable’ dust particles (sitting out in the open) to ‘nonerodible’ elements,
namely large rocks and pebbles, which absorb a fraction of the wind drag.
The more surface dust that is hidden behind or underneath the nonerodible
objects, the greater the fluid stress that must be applied in order to free the
dust particles. Lifting of sheltered dust may still occur, but a higher wind stress
is required to initiate saltation. In this way, areas may avoid becoming totally
depleted of surface dust, while nonetheless ceasing to become viable regions for
intense lifting. Over time however, small-scale processes (dust devils, perhaps)
either release the dust from under these roughness features, or return dust to
the area from elsewhere, leading to a reduction in threshold stress and improved
conditions for dust lifting.

The wind stress threshold, ζt, was therefore programmed to increase or
decrease in response to the change in surface dust at a particular gridpoint, at a
rate ζt

inc linearly proportional to the amount of dust removed or deposited. The
true behaviour of stress threshold with changing surface density is unknown, so
the value of ζt

inc had to be chosen largely through trial and error. The lifting
efficiency αN (now set larger than before, to counteract the higher thresholds)
and ζt

inc can to some extent be varied in tandem, as more efficient lifting requires
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faster-growing thresholds to prevent runaway lifting. Various combinations of
these two parameters were tested.

Szwast et al. [2006] found, from MGS surface albedo measurements, that
dust devil lifting probably plays little or no role in the redistribution of sur-
face dust. Model parameterisation of dust devil lifting, however, does show a
net annual dust movement. Furthermore, among the regions that are depleted
in this way are those that are important in storm generation — surface dust
removal by dust devils is particularly noticeable along the 30◦S latitude band,
and on the Acidalia-Chryse and Utopia-Isidis storm tracks. With this in mind
it seemed sensible to separate the two lifting methods, allowing dust lifted by
convective processes to provide the background opacity while ignoring its effect
on the surface dust distribution. Any changes in surface dust, and thus in wind
stress lifting threshold, were due only to lifting (and deposition) via near-surface
wind stress.

To avoid lifting becoming possible outside of storm season, through year-on-
year threshold reduction in less windy regions, a minimum threshold stress was
specified, simply using the original threshold value of 0.7 × Eq. (4.2). Thus,
the new parameterisation acts only to increase surface lifting thresholds from
their previously used values.

6.1.2 Need for an artificial ‘resupply rate’

Similar to what was found by Kahre et al. [2005], merely tracking the redistri-
bution of surface dust (through its influence on lifting thresholds) resulted in
storms ceasing to occur after several years of simulation. Thresholds at key lift-
ing sites were being raised too high by lifting in the initial few years, and were
then failing to decrease over subsequent years to enable further dust storms,
suggesting that unresolved or misrepresented surface dust redistribution plays
at least a partial role in explaining the lack of success of both approaches.

Therefore, following Pankine and Ingersoll [2002], another parameter, ζt
dec

was added, applying a constant rate of decrease to surface thresholds at every
gridpoint, in addition to any decreases that occur ‘naturally’ through deposition
of atmospheric dust. This represents the ‘freeing’ of dust from sheltered regions
mentioned above, and although it is in some sense equivalent to adding more
liftable dust to the system, this is necessary to counteract the loss of model dust
into the polar regions and other areas from which it is unlikely to be removed
by lifting and transport.

A more physically-based option, which will be investigated, would be to
have ζt

dec vary with the amount of dust devil lifting occurring at each gridpoint,
rather than it being uniform in space and time. It seems physically reasonable
that any sub-gridscale dust freeing will depend on the strength of local wind
regimes.
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Figure 6.1: Globally averaged optical depth for a multi-year run at T21 using the
variable threshold scheme (αN=5×10−6 m−1). Larger peak opacities than before are
produced.

Figure 6.2: Globally averaged optical depth, showing the variation in timing of storm
initiation.
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6.2 Improvements to dust cycle

With these two new parameters in place, and tuned to reasonable values, T21
simulations successfully produce more extreme interannual variability in peak
global opacity (see Figure 6.1), including GDS peaks as large as have been ob-
served on Mars. The occurrence of global storms now depends on the thresholds
at one or more of the key lifting sites (which, at this resolution, are generally
Daedalia Planum, Hellas and Noachis) having been lowered sufficiently in the
preceding time period. Thus, the frequency of GDS can be controlled by the
ratio of the threshold change rates ζt

inc and ζt
dec (in Figure 6.1, a slightly more

rapid resupply rate should probably be used). However, the simulations run so
far seem to suggest that increasing ζt

dec above the rate used in Figure 6.1 causes
a decrease to the amplitude of peak opacity variation.

Some predictability, partly due to the low resolution used, remains in the
system and can be seen in Figure 6.2. In this particular simulation, regional-
scale storms of varying size begin fairly consistently at Ls = 215◦, with the
preferred region remaining at Daedalia/Solis Planum. The initiation of lifting
early in every year is a consequence of the larger value of αN (chosen in the
hope of allowing more sites to take part in lifting) now used.

Figure 6.3: Variation over six years of threshold stresses averaged around several key
lifting locations (NB: for the calculation of the threshold drag velocity in the lifting
scheme, these values are reduced by a factor of 0.72 (see §§4.1.3 for explanation)).

Interspersed with these small storms are occasional global storms, typically
starting later in the year (Ls = 230–260◦). Lifting thresholds at Daedalia
Planum rise and fall from year to year as regional storms occur, while the
thresholds elsewhere in the southern midlatitude band steadily decrease due to
the (parameterised) resupply process (shown in Figure 6.3). Every few years,
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one of these regions becomes favourable for storm generation, and a global event
may follow (in this case beginning near Hellas). The fact that these storms
grow larger than others may simply be due to their initiation later in the year,
whereas the 2001 example shows that GDS can occur much earlier than the
storms produced here by the model.

The spatial distribution of preferred lifting sites is limited by resolution and
probably unrealistic, so it is unclear how much the occurrence of GDS here
depends on the states of different parts of the planet come southern summer,
rather than merely the Hellas thresholds. The activation of a secondary lifting
region (which clearly happens here) may, in reality, be crucial for the growth of
a global storm, and the likelihood of this will depend on the availability of dust
at various sites. What appears to be missing from Figure 6.3 is a more complex
interplay between the Solis Planum and Hellas threshold variation timescales.

6.2.1 Higher-resolution simulations

Work is currently being done with the variable threshold scheme at T31 reso-
lution — it is important to understand how various combinations of values for
the parameters αN , ζt

inc and ζt
dec and the lifting threshold affect the resulting

multi-year opacity cycle. Results so far are promising, and provide a much wider
range of storm initiation times and peak opacities than have been seen for T21.

Aside from any improvements in variability or realism, the use of the vari-
able threshold scheme provides a more flexible dust cycle, and thus offers the
possibility of performing higher-resolution simulations. Until now, the highest
resolution used for dust lifting has been T31, due to the difficulty in tuning the
model to produce realistic opacities — the unrealistic ‘infinite supply’ assump-
tion was the reason for this, as the model was liable to crash due to runaway
lifting (when αN was set even slightly too high). Since the variable thresh-
old scheme allows the model to regulate itself (by shutting off lifting after a
sustained period of activity), a wider range of lifting parameters can deliver a
reasonable dust cycle, rather than the very precise tuning that was previously
required.

The hypothesis of §§6.1.1 may not be easily verifiable, but this was not the
main goal of the work in this chapter. Rather, the inclusion of some limiting
surface condition was necessary in order to be able to consider running the
dust-lifting UKMGCM with altered orbital parameters (see §7.5), and it has
the advantage of making high-resolution simulations a more realistic option.
The enhanced variability suggested by the results so far hints that the approach
is capturing at least some of the processes that are operating on Mars today,
but any information gained from the simulations regarding the nature of these
processes should be treated with caution.
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6.3 Redistribution of surface dust

After several years of simulation with the variable threshold parameterisation ac-
tivated, a clear pattern emerges in the surface stress thresholds (Figure 6.4(a)).
As expected, this bears a strong resemblance to the peak wind stress plots of
§§5.2.1 — thresholds tend to get increased in those regions which experience
strong surface winds. These high threshold regions can be interpreted as being
relatively clear of surface dust; conversely, areas with low threshold stresses,
notably the large northern hemisphere plains, are accumulating dust over time.

This distribution shows good agreement with maps of Martian planetary
albedo and surface thermal inertia (not shown), and in particular with the
‘dust cover index’ (DCI) derived from TES data by Ruff and Christensen [2002]
(Figure 6.4(b)). In general, the model predicts regular dust lifting in the regions
for which dust cover is estimated to be low (as a result of clearing by winds).
Some differences are evident, however, notably south of 60◦S (probably due
to model underestimation of south polar cap-edge lifting) and at the high-DCI
areas around 30◦W, 15◦N and 75◦E, 30◦N. It is not clear how much the resulting
model surface threshold pattern is influenced by the (similar) input albedo and
thermal inertia fields — this will be tested in the near future.

6.4 Other considerations

Such a test will provide some guidance on how much the surface albedo affects
the pattern of dust lifting. UKMGCM surface albedo is currently a fixed field
taken from the MOLA dataset, but in reality the surface albedo changes from
year to year, following removal of dust from certain areas (causing a darkening
of the surface) and its deposition elsewhere (leading to local surface brightening)
[Szwast et al., 2006]. The effect of these small albedo changes on the overall
atmosphere may be small, but since dust lifting is such a sensitive process,
albedo variation may contribute to the interannual variability in dust optical
depth [Fenton et al., 2007].

The roughness parameter, z0, which represents the sub-gridscale effect of
small topographic features on the near-surface wind, is another surface vari-
able which has so far been treated in a very simple manner. It is currently set
uniformly to 1cm in the UKMGCM, but in reality probably varies by several
orders of magnitude over the planet. It affects dust lifting by modifying the
surface drag velocity through equation (3.1) — the rougher the surface, the
more low-level wind momentum is converted into frictional (or drag) velocity,
for a given near-surface wind strength — but also is a factor in the threshold
lifting velocity calculation, with stronger winds needed to lift dust from rough
terrain [Marticorena et al., 1997]. The balance between these two competing
effects will cause a change to the relative ability of various areas of the planet
to take part in dust lifting; however, since thus far model thresholds (though
subsequently reduced to allow a suitable amount of lifting) have been calcu-
lated assuming perfectly smooth terrain, all areas of the planet will (ignoring
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(a)

(b)

Figure 6.4: (a) Model threshold stresses after several years of variation in response to
lifting (again, the lifting scheme uses values scaled by 0.72). (b) Dust Cover Index for
Mars (red areas show high surface dust cover), from Ruff and Christensen [2002].
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the reductive scaling factor) find it more difficult to begin dust lifting, due to
increased thresholds and/or less efficient drag velocity conversion.

The surface roughness also affects more generally the vertical diffusion of
winds and temperature in the model boundary layer.

47



Chapter 7

Future work

Following the work described in this report, and the physics update described in
§3.2, the UKMGCM now features representations of dust and water ice physics
that are as advanced as have been included in any other MGCM to date. The
addition of several further components should result in the most realistic at-
tempt yet at modelling these aspects of the Martian climate, and permit the
drawing of some solid conclusions about the likely behaviour of the system when
running under different orbital parameters.

7.1 Further work on dust lifting and transport

The addition of the new physical schemes (§3.2) provides the opportunity to
reduce the computational expense of running the dust-lifting GCM by using the
new two-moment tracer scheme to lift and transport a size distribution of dust
particles. This method will be tested and compared to the six-tracer setup,
to see how well the more efficient scheme reproduces the multi-year opacity
behaviour seen previously, and to investigate how accurate the assumption of a
log-normal particle size distribution may be at various locations and times of
year.

Further evaluation of the variable-threshold approach to multi-year dust
lifting simulations is ongoing at T31 resolution, and it may also be possible to
run this version of the dust-lifting model at slightly higher resolutions (perhaps
2.5◦in latitude/longitude). As mentioned before, the variable threshold scheme
has the benefit of making the dust-lifting model less sensitive to its input param-
eters, and therefore more capable of being run under different conditions. It is
important, however, to understand how the resulting dust opacities do depend
the parameters αN , ζt

inc and ζt
dec (see Chapter 6), so as to evaluate how robust

any paleoclimatic predictions may be.
More detailed evaluation of the dust-lifting model’s realism is also needed.

In addition to the multi-year, global-scale comparisons to TES dust opacities,
possible tests include comparison of vertical distributions with Mars Climate
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Sounder profiles (see below), and (if possible via an increased-resolution sim-
ulation) calculation of statistics concerning the size distribution of model dust
storms, to compare with the scaling law found by Cantor et al. [2001].

7.2 Investigation into the solstitial pause

As mentioned earlier, there is scope for further investigation into the mechanisms
behind the solstitial minimum in northern hemisphere baroclinic instability,
including altered-topography simulations designed to elucidate the contribution
of the sloping bottom boundary.

7.3 Scavenging interactions

Among the plans set out in last year’s report, the application of an interaction
component between the dust and water cycles was identified as the key goal of
this project. This parameterisation of dust ‘scavenging’ remains an important
task but, due to the addition of the new cloud microphysical scheme, may be
now be accomplished fairly easily. At present, cloud ice formation is dependent
upon the concentration of dust nuclei, which is currently estimated from the
(prescribed) optical depth. Therefore, extending the coupling to impact on the
dust cycle, through the accelerated removal from the atmosphere of ice-coated
dust particles, should not involve a great deal of additional coding. However,
estimating the efficiency of the scavenging process will be more difficult, since
little observational evidence exists in this area.

An obvious first step will be to use the LMD cloud scheme during an active
dust-lifting run, and test how this affects cloud ice opacities — a dual-transport
MGCM simulation such as this would be the first of its kind. Using online dust
lifting and transport may provide better estimates of the spatial distribution
(particularly in the vertical direction) of dust particles than the previous ap-
proach of deriving dust vertical profiles from (assimilated) opacity data. The
regions of greatest discrepancy in these two methods can be uncovered.

Further comparisons may be made using newly-available data (more than
1.5 MY) from the Mars Climate Sounder (MCS) instrument, currently orbiting
Mars onboard Mars Reconnaissance Orbiter [McCleese et al., 2007]. An im-
portant feature of MCS is its ability to return vertical profiles of (among other
variables) dust and water ice opacity — it will be enlightening to compare model
predictions of the vertical distribution of dust particles, at various times of year
and locations, to MCS retrievals, as well as testing the accuracy of the resulting
cloud ice distributions.

If cloud ice opacity remains plausible (a test of the accuracy of predicted dust
lifting), the dust particles involved in cloud formation can then be subjected to
the faster sedimentation that applies to (larger) ice particles. This will have
the effect of capping the dust distribution around the height of the ice clouds,
a phenomenon which can be observed in MCS profiles. Possible feedback on
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cloud formation will also be investigated. Areas of particular interest for MCS
comparison will be the winter polar regions, which are observed to be extremely
dust-free, both by MCS and TES [Heavens et al., 2009, McConnochie et al.,
2009]. Polar dust content seems to be overestimated by MGCMs at present,
which may be due to their neglect of the scavenging interaction.

7.4 Non-homogeneous surface roughness

Another relatively straightforward improvement to the model will be the addi-
tion of a heterogeneous surface roughness map (§6.4). Such a dataset is now
available, having been derived from rock abundance observations [Hebrard et al.,
2009], though work is ongoing to improve the predictions of roughness in the
polar regions. Changes caused to the wind stress and dust lifting patterns can
be studied. The use of the map will likely necessitate the use of a lifting thresh-
old which varies with z0; formulations of this type have been suggested (e.g.
Marticorena et al. [1997]). Inclusion of this more accurate description of Mar-
tian surface roughness would be a first among dust-lifting MGCMs, and has the
potential to greatly improve predictions of dust lifting. It is hoped that it will
enhance variability in the model both in location and timing of lifting events.

7.5 Altered-obliquity simulations

With regard to Martian dust and water/ice, one of the key motivations in search-
ing for a realistic representation of the present-day cycles is a desire to under-
stand how that behaviour would have differed during previous periods of the
planet’s history. Such epochs involve planetary orbital parameters, such as ec-
centricity, argument of perihelion and obliquity (the angle between the rotation
axis and the normal to the ecliptic plane), differing from their current values,
causing different circulatory regimes to arise. Various studies of aspects of past
Martian climates have been performed in recent years [Haberle et al., 2003,
Newman et al., 2005, Madeleine et al., 2009], but the model code that should
result from the work described above will allow the most detailed simulations
to date of Mars under altered orbital parameters.

Since obliquity variations exert the strongest impact on the climate sys-
tem (particularly where dust lifting is concerned [Newman et al., 2005]), this
parameter will be the main variable in the paleoclimate simulations. It is antic-
ipated that typical ‘high-obliquity’ and ‘low-obliquity’ runs will be performed
(at, say, o=35◦and o=5◦respectively), with comparisons made to the present-day
(o=25◦) situation. A question that has been largely unanswered so far concerns
high-obliquity dust-lifting — such a climate scenario features a stronger mean
circulation, with stronger associated surface winds, but does this necessarily
result in a constantly-dustier atmosphere than at present? Using the variable
threshold lifting scheme, it may be possible to gain some insight into this area
(although, as stated above, it will be important to clarify what bias the use
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of such a scheme introduces into the simulations). Exploring how the dust-
water/ice interaction varies with obliquity will also be a significant first for a
Mars GCM.

7.6 Project timeline

The final year of project work is planned as follows:
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